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The Phanerozoic period covers the last 542 million years of
Earth’s history, about 12% of the history of our planet. With
regard to the evolution of life, the Phanerozoic experienced
major events such as the rapid diversiﬁcation of multicellular
organisms which ﬁrst appeared in the Cambrian (541–
485 Ma), the colonization of continental surfaces by living
organisms during the Ordovician (485–444 Ma) and the
appearance of the ﬁrst hominids about 8 million years ago.
Over this same period, the appearance of the Earth’s surface
changed considerably: the continental drift during the
Phanerozoic moved all of the continental masses situated in
the southern hemisphere and along the equator since the
Cambrian to join together around 280 million years ago to
form a supercontinent: the Pangea. This would then disintegrate during the Jurassic around 180 million years ago
with the emergence of the Atlantic Ocean.
Our understanding of the Phanerozoic climate, even if it
is still incomplete, has been rapidly evolving in recent years.
Data accumulated over the last few decades has improved
consistently in quality and the numerical models used to
reconstruct past climates have evolved considerably: they
have a better spatial resolution and include an increasing
number of processes. In general, it is true to say our conception of how and why the Earth’s climate evolved during
this key period in the history of life on Earth is now
undergoing a true revolution.

Y. Goddéris (&)
Géosciences Environnement Toulouse, CNRS-Université de
Toulouse III, UMR 5563, Toulouse, France
e-mail: yves.godderis@gmail.com

The Proxies for the Phanerozoic Climate
There are no direct indicators of climate conditions in the
geological past. However, qualitative reconstructions can be
produced from sedimentological and paleontological data,
and, in general, are more reliable than they are for the Precambrian. Geochemical data, in particular the isotopic indicators measured in marine sediments, provide some
quantiﬁcation, but interpretation of them is rarely straightforward. Below we provide a non-exhaustive list of examples of indicators. Finally, we will highlight the indicators
that allow the reconstruction of CO2 concentration in the
atmosphere over geological time.

Sedimentological Indicators
A compilation of sedimentological data indicative of glacial
climate was carried out in 1992 by Frakes et al. (1992). It
consists of an inventory of tillite-type glacial deposits (clays
formed from erosion products resulting from the friction of
glaciers on their bedrock) and, on the other hand, a reconstruction of the minimum paleolatitude attained by rock
debris carried by sea ice. The result shows a fluctuation of
hot and cold modes over a period of approximately 135 Ma.
The coldest climate mode was identiﬁed during the
Permo-Carboniferous glaciation.
A more recent study provides results in agreement with
those of Frakes et al. (1992). Boucot et al. (2004) compiled
data on continental coal deposits, indicators of an arid climate, as a function of paleogeography and time. They constructed a qualitative curve of variations on the equator-pole
climate gradient for the entire Phanerozoic. They interpret
the existence of weak gradients as the sign of a warm
climate.

Y. Donnadieu ! A. Pohl
Aix-Marseille Université, CNRS, IRD, Coll France, CEREGE,
Aix-en-Provence, France
© Springer Nature Switzerland AG 2021
G. Ramstein et al. (eds.), Paleoclimatology, Frontiers in Earth Sciences,
https://doi.org/10.1007/978-3-030-24982-3_27

359

360

Isotopic Indicators
The d18O of Carbonates
A detailed study of the isotopic composition of oxygen
(d18O) in carbonate sediments was carried out mainly on
fossilized brachiopod shells (Veizer et al. 1999). It shows
two trends (Fig. 27.1). The ﬁrst is a slow, almost linear,
increase of d18O from the Cambrian, from values of around
−10‰ (relative to the standard Pee Dee Belemnite) up to
current values close to 0‰. This increase is still difﬁcult to
interpret. If the d18O of the ocean has remained close to its
present value and if the evolution of the d18O of the brachiopods is interpreted in terms of temperature over the last
540 million years, then the temperature of seawater must
have reached 70 °C in the Cambrian, a level which is lethal
to most marine organisms and therefore difﬁcult to reconcile
with the very large phase of diversiﬁcation of marine
organisms documented at this time (Zhuravlev and Riding
2001). Two possibilities have been proposed to solve this
paradox: either the decrease of d18O in the past reflects a
diagenetic alteration of the brachiopod shells, in which case
the signal is irrelevant, or the d18O of seawater was lower in
the past. Seawater is, in fact, influenced by the tectonic
processes: as silicate rocks are transformed into d18O-depleted clay sediments, continental and hydrothermal alteration at low temperatures tend to increase the d18O of the
water in contact with the minerals. A fractionation of 20% is
observed for the low-temperature alteration at the ridges,
12.5% for the continental alteration, while the
high-temperature hydrothermal alteration decreases the d18O
of seawater by enriching the alteration production with a
fractionation of −18‰. The role of these geological
Fig. 27.1 d18O of carbonate
sediments (calcite) measured over
the whole Phanerozoic. The two
light and dark shaded ranges
contain 68% and 95%
respectively of the data points.
The lozenges represent
measurements made on aragonitic
fossils
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processes on the d18O of seawater is not yet clearly understood. There is as yet no consensus on this issue especially
since recent studies suggest that the value of the d18O of the
ocean has remained constant since 760 Ma (Bergmann et al.
2018; Hodel et al. 2018).
The second trend highlighted in the long-term recordings
of the d18O of the brachiopods is the periodic oscillations
superimposed on the long-term linear trend described previously. If this is subtracted, the oscillations have an
amplitude of 3–5‰ (Veizer et al. 2000). The most surprising
aspect is that the period of these oscillations is in agreement
with the periodicity of the hot and cold modes determined by
Frakes et al. (1992), suggesting the presence of a true climate
signal. The use of a paleothermometer, linking the isotopic
fractionation between calcite and seawater to the precipitation temperature of the carbonate, makes it possible to
reconstruct the temperature variations of the water in which
the brachiopods lived, provided that the d18O of the seawater
is known, a fact dependent on the volume of continental ice.
It should be noted, however, that examples of diagenetic
alteration have been identiﬁed in which isotopic exchange
with runoff leads to values for d18O very different from the
original values, but in which seasonal oscillations seem to be
preserved. This is merely an artifact. Finding a
pseudo-climatic periodicity in a diagenesis signal is not
impossible and does not constitute proper evidence of the
preservation and the consistency of the isotopic signal.
The fractionation a between calcite and water is expressed by the relationship:
T ðKÞ ¼

18:03 % 103
1000 ln a þ 32:42

ð1Þ
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where
a¼

1000 þ r18 OPDB
sample
1000 þ r18 OPDB
solution

ð2Þ

is the d18O (PDB) of the carbonate sample, and d18O is the
d18O of the solution from which the carbonate precipitated.
A d18O of seawater of 0‰ compared to SMOW is equivalent to −30‰ compared to PDB. A variation of −1‰ in the
d18Osample corresponds to an increase of +4 °C in the temperature at which precipitation occurred.
The volume of continental ice and the d18O of seawater
are far from being well known through the geological past of
the Earth. To simplify, Veizer et al. (2000) assumed the
volume of continental ice to be twice the current volume at
the glacial period peaks and to be zero during a warming
period. An oscillation in the ice volume of this scale could
account for a 2‰ change in the d18O of seawater, which
presumes that the remaining 1–3‰ are attributable to temperature changes. Making these assumptions, Veizer et al.
(2000) propose that seawater in the equatorial zone (where
all fossil brachiopods have been found) was up to 3.5 °C
colder during the Ordovician glacial maximum than now,
3 °C colder during the Permo-Carboniferous and 2 °C
colder during the Jurassic, without taking into account rapid
shifts which could reach amplitudes of 9 °C (Fig. 27.2).
It should be noted that the majority of the brachiopod
fossils used are from the Paleozoic (Veizer et al. 1999) and
that the resolution for the Mesozoic and Cenozoic ages is
weak within this Phanerozoic database. The Mesozoic was
covered more precisely by measurements of d18O from
benthic and planktonic foraminiferal shells (e.g., Bice et
Norris 2002) and on belemnite rostra (Dera et al. 2011). One
of the most remarkable results is the estimation of the
deep-water temperature during the Cretaceous. This

Fig. 27.2 Temperature
anomalies of tropical waters
reconstructed from d18O
carbonate data

temperature was approximately 10 °C at the end of the
Cretaceous and could have reached 15 °C around 100 Ma
(Friedrich et al. 2012). Measurements for the Mesozoic are
also covered by d18O on phosphates (see next section).
Finally, the Cenozoic is covered by a high-resolution
database (Zachos et al. 2008), which is the most signiﬁcant
step forward in terms of climate reconstruction (Fig. 27.3).
The d18O measurements carried out in forty ODP and DSDP
drill sites, were conducted on benthic foraminifera that once
lived in the deep ocean. They are generally considered to be
indicators of changes in surface water temperature at high
latitudes (where dense surface waters sink to produce the
deep waters of the global ocean) and of changes in the
isotopic composition of the ocean on average, which are a
function of the ice cap volume. They are particularly good at
recording the phases of rapid growth of the Antarctic ice
sheet.

The d18O of Phosphates
Another particularly promising approach is based on the
study of d18O measured in phosphates, particularly in ﬁsh
teeth or conodonts, small tooth-shaped structures of 0.25–
2 mm, consisting of apatite and having belonged to vermiform animals that disappeared at the end of the Triassic. The
paleothermometer is expressed as follows:
!
"
18 SMOW
Tð' CÞ ¼ 112:2 ( 4:2 r18 OSMOW
(
r
O
ð3Þ
sample
water

18
r18 OSMOW
sample is the d O (SMOW) of the phosphate sample,
18
and r18 OSMOW
water is the d O of the solution from which the
phosphate precipitated.
The advantage of phosphates, especially the enamel of
fossil teeth and conodonts, is their greater resistance to
diagenetic alteration than carbonates. In general, the d18O
measured on phosphate does not appear to show signiﬁcant
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Fig. 27.3 d18O of benthic
foraminifera during the Cenozoic

decay as one goes back in time, suggesting a lower sensitivity to diagenesis and therefore better reliability. This has
been clearly demonstrated for the Devonian. The d18O
measured on apatite from conodonts indicates a seawater
temperature of about 25 °C for the end of Givetien and
Frasnian (391–374 Ma), taking the d18O of the seawater to
be −1‰ due to the probable absence of ice caps, as these
only developed during the Famennian (Caputo et al. 2008).
The d18O measured on the calcite of the brachiopod shells
from the same period indicates signiﬁcantly higher temperatures of between 30 and 40 °C (Veizer et al. 1999). Similar
differences are observed in the amplitudes of the temperature
changes between the two methods. For example, measurements of d18O on phosphates suggest a drop in tropical water
temperature from 40 to 32 °C between 490 and 465 million
years which seems to be correlated with a major acceleration
in the expansion of biodiversity (Trotter et al. 2008). The
d18O data from brachiopods suggest a temperature drop of
only 4 °C over the same period. It appears that the isotopic
composition of brachiopod shells depends largely on kinetic
fractionation processes (typical of diagenesis) and, to a lesser
extent, on the metabolism of these animals. Consequently,
the d18O measured on the brachiopods could be a weak
reflection of the environmental conditions that prevailed at
the time of the formation of the shell. Nevertheless, the
debate on the validity of the brachiopod data is still ongoing,
especially since the recent publication of a new paleothermometer which revises upwards the temperatures reconstructed from phosphates (Pucéat et al. 2010).
The use of ﬁsh teeth from various parts of the world
supports the reconstruction of latitudinal gradients of water
temperatures, which provides essential clues to climates in
the distant past. Finally, data from the teeth of fossil vertebrates offer immense opportunities in terms of the measurement of temperatures and their latitudinal gradients in
continental environments.

The ‘Clumped’ Carbonate Isotope Method
or the D47 Method
The major problem with using oxygen isotopes for the
reconstruction of seawater temperatures in the past is the
lack of knowledge of the d18O ratio of the seawater in which
the carbonates and phosphates formed. A new technique has
recently been proposed, which makes it possible to overcome this limitation. This involves essentially counting the
number of bonds between rare isotopes in the CaCO3
molecules, in particular, the 13C–18O bonds. The difference
between the actual number of rare bonds and the number of
bonds there would be if the bonds were stochastically distributed depends entirely on the temperature and not at all on
the isotopic composition of the water in which the carbonate
was formed. It is measured with the assistance of D47:
# 47
$
Rmeasured
D47 ¼
(
1
% 1000
ð4Þ
R47
stochastic
18 13 16
where R47
O C O
measured is the ratio of the mass of
16 12 16
molecules to the mass of light O C O molecules measured in the CO2 emitted from the attack on carbonate by
phosphoric acid. R47
stochasitc is the same as the ratio for a
stochastic distribution of the molecules. The D47 depends on
the temperature of the medium in which the carbonate
formed (Ghosh et al. 2006) according to the formula:

D47 ¼ 0:0592ð106 % T (2 Þ ( 0:02

ð5Þ

This technique also has the advantage of being impervious to diagenesis within a temperature range of 0–200 °C.
The ﬁrst use of this technique was devoted to the study of
samples from the Lower Silurian (around 435 million years)
and from the Middle Pennsylvanian (Carboniferous, around
310 million years) (Came et al. 2007). It produces contradictory results: for the Carboniferous samples, they are, for
example, in agreement with the d18O measurements on
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Fig. 27.4 Phanerozoic
temperature anomalies. The black
line tracks the output of a
numerical model and represents
the mean global temperature
anomalies (Berner 1994). The
gray line represents the d18O data
on calcite (Veizer et al. 2000),
and the two diamonds show the
D47 data (Came et al. 2007)

brachiopods, but for the Silurien samples, they are completely opposite in that they indicate temperatures around 8 °
C higher than the current ones, whereas the d18O data
indicates temperatures around 2.5 °C lower than currently
(Fig. 27.4).
By combining the d18O and D47 data from Ordovician
sedimentary calcites, a recent study showed for the ﬁrst time
that it was possible to calculate the d18O ratio of seawater
over this period of time and thus to trace back the volume of
ice present on the continents during the glacial peak at the
end of the Ordovician (Finnegan et al. 2011) the estimate of
which is in agreement with the reconstruction of sea level
variations for that time (Loi et al. 2010).

Indirect Isotopic Indicators
The d13C of Carbonate Sediments
The 13C/12C ratio (d13C expressed with respect to the PDB
standard) of the carbonate sediments recorded the isotopic
composition of the total carbon dissolved in seawater (in the
form of dissolved CO2, bicarbonate and carbonate ions,
P
denoted by
CO2 or by the acronym DIC—Dissolved
Inorganic Carbon) at the time of deposition. The main trend
of this isotopic indicator is a general increase during the
Paleozoic, from −2‰ during the Cambrian to +4‰ at the
end of the Carboniferous. Veizer et al. (2000) (Fig. 27.5).
This geological stage presents the highest value for this
signal for the entire Phanerozoic. After a rapid decrease
during the Permian, the d13C of carbonates registered minimal fluctuations around the present value of +1.5‰. This
d13C is an indicator of the behavior of the carbon cycle, but
unfortunately it is not very clear how exactly to interpret it.

The simpliﬁed budget of the d13C of the oceanic DIC doc is
written as:
Coc

ddoc
¼ Fcw ðdcw ( doc Þ þ Fow ðdow ( doc Þ þ Fcw ðdcw ( doc Þ
dt
þ FMOR ðdMOR ( doc Þ
( Fcd ðdoc ( ecarb ( doc Þ ( Fod ðdoc ( eMO ( doc Þ

ð6Þ

where Coc is the DIC content of the ocean and Fcw, Fow, Fvol
and FMOR are the carbon fluxes transferred from the lithosphere to the ocean by dissolving continental carbonates, by
the oxidation of sedimentary organic carbon, by degassing
linked to the volcanic activity and by the oceanic ridges,
respectively. Fcd and Fod are the fluxes of carbonate deposits
from all environments, and the burial of organic carbon
respectively. The d are the d13C corresponding to each of
these fluxes: dcw is close to 0‰, dow to −25‰; dMOR is
estimated at −5 or even −6‰. dvol is less well known, but its
value is certainly located between the mantle value and that
of the carbonates deposited on the abyssal sea floor, that
is ±0‰ on average over a long-time scale. ecarb is the isotopic fractionation between the DIC of seawater and the
carbonate minerals. This fractionation is low (around 1.2‰)
(Hayes et al. 1999), indicating that carbonate deposits cannot
be responsible for the temporal evolution of doc. However,
the fractionation between the buried organic matter and the
oceanic DIC eMO is very high (±20‰ today). The organic
flows Fow and Fod dominate the budget because this fractionation means that their combined flow is multiplied by
d13C and so is an order of magnitude greater than the other
terms. The flux variations most influencing the temporal
evolution of the d13C of the ocean are therefore those that
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Fig. 27.5 d13C of calcite
sediment from the Phanerozoic.
% of data points

affect the processes with a d13C signature furthest away from
the oceanic value, in other words, the oxidation of the
organic sedimentary carbon exposed on land or the burial of
organic carbon in sediment. However, it is impossible to
discriminate between them using the d13C signal alone.
However, geochemical interpretation is possible for some
major excursions. In particular, the positive and very large
Carboniferous excursion (a positive excursion of 4‰
throughout the Carboniferous (Veizer et al. 1999) is interpreted as the recording of the burial of a very large amount
of organic carbon (this was the time large coal beds were
being deposited in Europe, Russia and North America),
which extracted preferentially the 12C from the
ocean-atmosphere system. This resulted in a higher consumption of atmospheric CO2 and a cooling of the climate
which coincides reasonably well with the PermoCarboniferous ice age. This observation encouraged the
association of any positive excursion of d13C with a cooling
of the climate, especially since many positive excursions
coincide with episodes of extensive burial of organic matter
(episodes of global anoxia and black shale formation), such
as the end of the Devonian (Frasnian-Famennian episode,
circa 375 Ma) or the global anoxic events of the Cretaceous
(Aptian circa 120 Ma and Turonian circa 90 Ma). This
interpretation, however, is not conclusive. To illustrate the
difﬁculty of interpreting the d13C signal in geochemical and
climate terms, it should be noted that certain anoxic episodes, during the formation of gray or black shales, are
accompanied by negative excursions of the oceanic d13C,
such as the Toarcian anoxic episode. These events probably
indicate favorable conditions (anoxic environment) for the
preservation of organic matter, but the total amounts of
organic matter ultimately buried are low. The Toarcian
negative excursion can be interpreted as the result of a large

CO2 outgassing from the mantle when the Karoo-Ferrar
traps were established in South Africa and could therefore be
linked to a warming of the climate by the greenhouse effect.
It should also be pointed out that, at shorter intervals during
glacial-interglacial Quaternary oscillations, the d13C of the
ocean decreased during glacial periods due to a reduction in
the biosphere, a consequence of aridity on the continents
(Part III, Chaps. 1 and 2).
Finally, some very rapid and pronounced negative
excursions could be attributed to the destabilization of
methane hydrates contained in marine sediments. The
methane released by the sediments is characterized by a d13C
of −60‰ and these negative values allow very pronounced
excursions of d13C. In general, it is assumed that the CH4
contribution to the exosphere is short (104 to 105 years) and
intense, resulting in rapid negative excursions (e.g. the
thermal maximum of the Palaeocene-Eocene transition
(McInerney and Wing 2011).
It is even possible to imagine a combination of effects: the
Karoo traps were established in the coal-rich sediments of
Gondwana 183 million years ago. As a result, a massive
degassing of reduced carbon, low in 13C, towards the
atmosphere, causing the negative excursion in d13C
observed during the Toarcian (McElwain et al. 2005).
Finally, a database of all the d13C values measured on
benthic foraminifera from 40 ODP and DSDP drillings
provides high-resolution coverage of the entire Cenozoic
(Zachos et al. 2008). The dominant signal from this curve is
the decrease in d13C of about 2% from mid-Miocene
(15 Ma) onwards. The reasons for this reduction remain
obscure. It could be a sign of a global decrease in the burial
of organic carbon over the last 15 million years. However,
over the same period, isotopic fractionation eMO decreased
by approximately 8‰, whereas it remained relatively
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constant over the rest of the Phanerozoic. This fractionation
was reconstructed over the whole Phanerozoic by measuring
the d13C of organic carbon in marine sediments over many
different periods and comparing it to the d13C of sedimentary
carbonates (Hayes et al. 1999). Since this fractionation is
dependent on the concentration of H2CO3 in the waters, it
can be inferred that its decline is linked to a drop in atmospheric CO2 since the Miocene. Yet this simple interpretation is challenged by independent estimates of the CO2 level
suggesting pressures below 300 ppmv during the Miocene
(see section on atmospheric CO2). Nevertheless, the combination of the drop in eMO fractionation and the drop in
oceanic d13C suggests an increase in CO2 being buried in the
form of organic carbon in sediments since 15 Ma, probably
linked to the establishment of the Himalayan orogeny.

The 87Sr/86Sr Isotope Ratio of Carbonate
Sediments
Marine carbonates record the strontium isotopic ratio,
87
Sr/86Sr, of seawater without fractionation. The residence
time of Sr in seawater (2–5 million years) ensures an even
value throughout the ocean and therefore low dispersion of
the data. A high-resolution curve (1 million years) has been
published by Veizer et al. (1999). This signal has been widely
used to constrain the extent to which CO2 is consumed by
alteration of continental silicates during the Cenozoic, particularly in response to the Himalayan orogeny (Raymo
1991). Two main types of Sr intake to the ocean are identiﬁed:
an exchange flux at the level of the ocean ridges, which
doesn’t affect the Sr concentration of the water but modiﬁes its
isotopic ratio. Today, the water enters the ocean ridges with a
87
Sr/86Sr ratio of 0.709 and exits after contact with mantellic
rocks with a typical value of 0.703. This process therefore
tends to reduce the 87Sr/86Sr ratio of seawater and bring it
closer to the mantle value. Conversely, the isotopic ratio of the
rivers, inherited from the weathering of continental rocks is
now equal to 0.712. There is some correlation between periods with high 87Sr/86Sr seawater ratios and glaciation episodes. This has been interpreted as a sign of greater
weathering during cold climate periods, in response to
intensiﬁed physical erosion, which in turn promotes chemical
weathering. The signal is particularly clear for the last
40 million years, and the rapid increase in the 87Sr/86Sr ratio
of seawater has been interpreted as the signature of increased
continental weathering during the uplift of the Himalayas. It
has been suggested that there is a correlation between this
increase in the 87Sr/86Sr ratio and a decrease in the CO2
concentration in the atmosphere. In this model, the Himalayas
are considered to have triggered the cooling in the Cenozoic.
This hypothesis has been extensively developed. It is
found again in the more recent literature, linking orogeny
with global cooling of the climate in response to intensiﬁed
weathering. Nevertheless, this hypothesis is in contradiction
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with the paleothermostat theory. In fact, weathering becomes
a function of climate in a positive feedback loop. The colder
it gets, the more erosion increases, forcing an uptake in CO2
consumption by weathering, in turn forcing increased cooling. The silicate weathering and volcanic degassing are
uncoupled, and the carbon content of the ocean and the
atmosphere is consumed in less than a few million years
(Goddéris and François 1996), which would lead to unregistered climate disasters during the Tertiary. It should be
underlined, however, that it is possible that orogens pump
CO2 while respecting the paleothermostat theory. The consequences of the uplift of a mountain range are much more
complex than a simple uplift causing increased weathering.
We shall see later that they lead to a number of geological
phenomena which ultimately link orogenesis to cooling.
Moreover, the evolution of the 87Sr/86Sr isotopic ratio of
seawater cannot be interpreted solely in terms of changes in
the relative importance of mantellic and continental flows.
The isotopic ratio of the source rocks of the weathering may
also have changed over time, and, particularly in the orogenic zones, which considerably complicates the interpretation of the isotopic sign of strontium. Nevertheless, the
quality of the Phanerozoic signal should motivate further
analysis of this indicator in the future.
Along with the 87Sr/86Sr isotopic signal, the 187Os/188Os
osmium isotopic ratio of seawater measured from sediments
taken during ocean drilling programs is also used to constrain the evolution of continental and hydrothermal
weathering fluxes. The methodology is very similar to that of
Sr, but the major advantage of osmium is its short residence
time in the ocean, around 10–30 kyr, although it is sufﬁciently longer than the mixing time of the water masses to
ensure values that are representative of the global ocean.
River contributions are the dominant factor, with a
187
Os/188Os ratio of 1.3 and a flux of 1800 mol per year−1.
Hydrothermal inputs have an isotopic signature of 0.13 and a
flux of around 100 mol per year−1. A flow linked to cosmic
dust, with a ratio of 0.13 and a flux of 80 mol per year−1,
must also be added. The main sinks are ocean sediment
deposits. The ratio can therefore be indirectly linked to the
evolution of the Earth’s climate and of greenhouse gases,
through the characterization of the geological flows of the
carbon cycle. Nevertheless, osmium is a very scarce element,
which makes it difﬁcult to measure. The mean concentration
of Os is 10 fg/g (fentogram gram−1, 1 fg = 10−15 g) in
seawater and 9 fg g−1 in rivers.

The Level of Atmospheric CO2
There is clearly no direct measurement of this level for the
distant past beyond 900,000 years, the period covered by ice
cores drilled in the Antarctic ice. All methods are therefore
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indirect and depend on a number of assumptions. This
inevitably produces signiﬁcant uncertainties. In addition, the
low residence time of carbon in the ocean-atmosphere system (200,000 years) is an inherent cause of scattering of data
points. Temporal resolution for the geological past very
rarely reaches this level of precision. It follows that two
points, attributed to the same geological moment, may have
very different values.
An excellent overview was carried out by Royer et al.
(2001) using several reconstruction methods. For the very
distant past, the counting of the stomata of the fossil leaves is
commonly used. For modern species, there is a positive
correlation between the number of stomata and the ambient
CO2 level. These correlations are applied to old geological
samples. This is probably the least precise method, but it has
the advantage of being able to go back very far in the past (as
far back as the Devonian) and does not encounter the problems experienced by isotopic systems, such as diagenesis.
A second method allows measurements to be traced back
to the Paleozoic. It involves measuring the d13C of pedogenic carbonates in paleosols and is based on the fact that the
level of CO2 in modern soils results from a mixing of the
atmospheric CO2 in the atmosphere and the CO2 in the soil
through respiration. The d13C of this C2atm mixture is registered in the pedogenic carbonates:
COatm
2 ¼ Sð z Þ

dsample ( 1:0044dresp ( 4:4
datm ( dsample

ð7Þ

where dsample is the d13C of the pedogenic carbonate. The
method requires setting the d13C of the breathed CO2, dresp,
at typical values. It therefore depends on the proportion of
C4 plants to C3 plants, for which the isotopic fractionations
are very different. In practice, it is not applicable after the
emergence of C4 plants, 15 Ma ago. The method also
requires knowledge of the d13C of the atmosphere datm and S
(z), the amount of breathed CO2 at the estimated depth z of
the pedogenic carbonate in the paleosol. The d13C of the
atmosphere is estimated by measuring the d13C of marine
carbonates of the same age and by imposing the fractionation value between the carbonates and the atmospheric CO2.
As for the fraction of breathed CO2, it is calculated by
making major assumptions about soil temperature, porosity
and biological productivity. In fact, if CO2 production in
soils is a function of productivity and temperature (which
partially controls the degradation of organic matter by bacteria), its diffusion to the atmosphere depends largely on the
physical structure of soils. The level of CO2 at a given depth
is therefore dependent on the relative importance of the
production and loss by diffusion. This is by far the most
uncertain method. A recent recalibration of the method has
led to a considerable reduction in past reconstructed CO2
pressures (Breecker et al. 2010; Foster et al. 2017). A similar

method consists of studying the trace d13C of pedogenic
carbonates contained in goethite, a mineral formed during
soil alteration reactions (Royer et al. 2001).
A third approach uses the measurement of isotopic fractionation of carbon by phytoplankton and its relationship
with the dissolved CO2 content in seawater. Initially, the
difference between the d13C of carbonates and that of total
organic carbon was used. It was subsequently found to be
error-prone, in particular due to the presence of organic
matter of various origins in both continental and marine
sediments. This fractionation is now measured by directly
using biomarkers in the organic matter, such as alkenones
(Pagani et al. 2005). The link between isotopic fractionation
and the level of CO2 dissolved in water is based on correlations established for the present. For example, this one is
based on a compilation of GEOSECS campaign data:
%
&
eP ¼ 12:03 CO2aq ( 3:56
%
&
ð8Þ
10 ) CO2aq ) 90 lM

where ep is the photosynthetic fractionation of phytoplank%
&
ton, and CO2aq is the concentration of gaseous CO2 dissolved in water.
The use of correlations established for current conditions
is the main weakness of this method, since they are
extrapolated to CO2 ranges that are signiﬁcantly higher than
the current level, using compounds made by organisms with
an unknown metabolism. In addition, isotopic fractionation
is also a function of the growth rate of these organisms,
which complicates reconstruction.
A ﬁnal method is based on the measurement of the ratio
of boron isotopes 11B/10B (d11B) in carbonate sediments
(Royer et al. 2001). The relative abundance of the two dissolved borate species (H4 BO4 and H3 BO(
4 ) depends on the
pH of the sea water. There is an isotopic fractionation of
about 19‰ between the two species. The carbonates are
mainly made up of the H4BO4 species and the isotopic d11B
composition of the carbonates will therefore depend on the
pH. Nevertheless, the link with atmospheric CO2 is not clear.
First, this requires assumptions that d11B of seawater
remains constant over time, that the isotopes are shared
between the two species and that the relative abundances of
11
B and 10B remain the same. It was shown that this was
probably not the case and that d11B of total borate probably
changed in the past. Finally, we must make strong
assumptions about the alkalinity of seawater, to bring the pH
up to the pressure of atmospheric CO2.
The compilation of all these reconstructions inevitably
shows a large dispersion of points (Royer 2006; Foster et al.
2017) (Fig. 27.6). Nevertheless, some trends may emerge.
The level of atmospheric CO2 seems to have been high
before the Devonian (with values generally in excess of
2000 ppmv). This period is followed by a time interval
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covering the end of the Carboniferous and the beginning of
the Permian, during which time atmospheric CO2 remained
between 200 and 500 ppmv. The data for the Mesozoic are
more confusing and show no clear trend. For the same time
period, it is common to have atmospheric CO2 estimates
varying by a factor of 5–10. Finally, the Cenozoic appears to
be marked by a general decrease in atmospheric CO2 pressure, reflected above all in a general reduction in the maximum reconstructed values. The most precise record (i.e.,
with the best temporal resolution and lowest dispersion) is
the one obtained by reconstructing the isotopic fractionation
in carbon of the oceanic biosphere based on the measurement of the d13C of the alkenones (Pagani et al. 2005). It
shows a rapid decrease in atmospheric CO2 from the
beginning of the Eocene until the end of the Oligocene:
around 50 million years ago, the CO2 content is estimated to
have been 1500 ppmv and fell to between 200 and
300 ppmv 23 million years ago. CO2 levels then remained
constant throughout the Miocene at values slightly below
250 ppmv. Finally, CO2 levels during the Pliocene were
explored using two methods: through isotopic fractionation
in carbon and by the counting the stomata of fossil leaves.
Both methods suggest that CO2 levels have risen: between
350 and 450 ppmv from 2.9 to 3.3 million years for the ﬁrst
method, and between 370 and 250 ppmv from 5.3 to
2.6 million years for the second.

The Great Climate Modes of the Phanerozoic
and Their Possible Causes
The climate reconstructions of the Phanerozoic show a
succession of modes warmer than currently and of cold
modes similar to currently, with the emergence of ice caps.
This succession is observed in sedimentological records of
glacial sedimentary deposits, including tillites, and in ice
rafted debris (IRD), debris carried by sea ice (Frakes et al.
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1992). However, these climate oscillations are also observed
in isotopic data, such as in the d18O of carbonates deposited
on the seabed, which reflect, at least partially, the d18O of
seawater at the time of deposition (Veizer et al. 2000). These
isotopic data remain difﬁcult to interpret because they
combine not only climate indicators (seawater temperature,
continental ice volume), but also geochemical data such as
salinity of the seawater, the speciation of carbonates, the
d18O of seawater which is itself influenced by continental
and hydrothermal alteration flows. Nevertheless, the d18O
during the Phanerozoic shows oscillations with a periodicity
of 135 million years, in line with sedimentological reconstructions, thereby reinforcing its validity as a good climate
indicator. To date, this periodicity of 135 million years
remains largely unexplained, but its length indicates that it
might have to do with the tectonic processes that shaped the
Earth’s surface or with astronomical movements (Shaviv and
Veizer 2003). The accumulation of recently obtained isotopic data on phosphates (including fossil ﬁsh teeth and
conodonts) has greatly improved the resolution of the
alternation of hot and cold modes, especially during the
Mesozoic and Devonian periods (Dromart et al. 2003;
Pucéat et al. 2003; Joachimski et al. 2004).
The cold climate modes of the Phanerozoic occur during
the Ordovician (from about 470–440 Ma), the
Permo-Carboniferous (from about 330–270 Ma), the Jurassic and the Cretaceous. This period is marked by a succession of short cold events: at the end of the Toarcian around
176 Ma, at the Callovian-Oxfordian boundary around
161 Ma, at the transition from the Lower Valanginian to the
Middle Valanginian towards 140 Ma, at the beginning of the
Aptian around 125 Ma and at the Cenomanian-Turonian
boundary around 94 Ma. Finally, the end of the Cenozoic,
when Antarctica ﬁrst started to freeze over 34 million years
ago up to the current period, was in cold mode with ice ﬁrst
appearing in the southern polar regions and later in the
northern hemisphere.

The Causes of Cold Climate Modes
These are generally subjected to more study than the causes
of warm modes. The following processes have been
suggested:

Fig. 27.6 Levels of phanerozoic CO2 reconstructed by various
methods based on proxies

1. Orogenesis
The establishment of mountain chains causes an increase
in physical weathering following the establishment of
glaciers, steep slopes and alternating freeze-thaw regime
(Raymo 1991). This results in a greater fracturation of the
rock and thus greater sensitivity to chemical weathering
which consumes CO2. Therefore, locally, this process
increases the vulnerability of the continental surfaces to
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weathering. The result would be a drop in atmospheric
CO2 and an overall cooling. This theory is based on
measurements of current weathering rates in mountain
ranges, on the strong correlation between physical erosion and chemical weathering in modern watersheds, and
on the 87Sr/86Sr isotopic ratio of the water run-off from
the Himalayas. A second effect should also be taken into
account: the very high sedimentation rates in the seas at
the foot of the orogens lead to very efﬁcient burial of
organic carbon and thus to increased consumption of
atmospheric CO2 thanks to the action of the biological
pump. This process is responsible for trapping two to
three times more CO2 than the silicate weathering in the
Himalayan orogeny (Galy et al. 2007).
2. The development of vascular vegetation on land. Tall
vegetation with a developed root system acts at three
levels on weathering rates. The roots stabilize the soils
and thus increase the contact time between inland waters
and the silicate minerals. In addition, root and microbial
respiration in soils increases the partial pressure of CO2,
and thus acidiﬁes the water which percolates towards the
bedrock. Finally, the plants secrete organic acids which
also contribute to the acidiﬁcation of the waters. As a
result of these three effects, there is an increase in the
consumption of atmospheric CO2 through dissolution of
the continental silicates. This hypothesis is based on
studies carried out in particular in Iceland on lava flows
on slopes covered and uncovered with stemmed vegetation. It appears that weathering rates are eight to ten times
larger under dense vegetation cover (Berner 2004).
A small-scale laboratory study suggests that non-vascular
plants (lichens and mosses) could have a similarly
accelerate chemical weathering of continental surfaces
(Lenton et al. 2012).
3. Increased burial of organic carbon during the anoxic
phase of the ocean. This hypothesis is often proposed to
explain positive excursions in the d13C ratio of oceanic
carbonates correlated with climate cooling. It requires
particular environmental conditions: either conditions
favorable to maintaining water stratiﬁcation in large
ocean basins and preventing the ventilation of the deep
waters in these basins, or conditions of oceanic hyperproductivity leading to the absorption of oxygen in the
deep waters through the recycling of organic matter
produced in the euphotic zone. This burial may also
occur on land-based environments, as has happened
during the Carboniferous period.
4. The movement of the solar system into a galactic arm.
This recent hypothesis attempts to explain the periodicity
of 135 million years in cold modes. The galactic arm is
an area of formation of intense stars and of emission of
galactic cosmic rays. Reaching the atmosphere, these are
thought to participate in the nucleation of low-level
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5.

6.

7.
8.

clouds, increasing the albedo of the atmosphere and
cooling the climate (Shaviv and Veizer 2003). To date,
there is no experimental evidence of the validity of this
mechanism, which remains purely speculative.
The fragmentation of a supercontinent. The resulting
increase in rainfall activates the consumption of CO2 by
silicate weathering and thus cools the climate. This effect
is particularly important if the supercontinent breaks up
along the equator, the site of intense rainfall (Goddéris
et al. 2014).
The migration of continents towards the low latitudes,
characterized by climatic conditions favoring the
weathering of continental silicates and thus an increased
consumption of atmospheric CO2 (Nardin et al. 2011).
Any reduction in degassing of greenhouse gases from the
mantle or sediments towards the atmosphere.
The establishment and subsequent weathering of basaltic
provinces on the continents. Basalts weather much more
efﬁciently than the average continental crust on which
they spread (in equivalent conditions, basalt weathers
eight times faster than granite). This ﬁnding was established from a study of weathering in basaltic watersheds
(Dessert et al. 2001). The weathering of new basalt thus
produces a long-term decrease in the partial pressure of
atmospheric CO2. The question remains as to the
weathering of submarine basaltic plateaus. Do they
contribute to the cooling of the climate system or not?
The pH buffer imposed by carbonate speciation in seawater nevertheless suggests that weathering of oceanic
basalts is a minor phenomenon, with basalt dissolution
being minimal at around pH 8, a value for seawater
which probably didn’t change much over the course of
the Phanerozoic.

The Causes of Warm Climate Modes
Curiously, cold modes have always been considered to be
accidents in a prolonged warm state. This is probably the
reason why the suggested causes of warm modes are fewer
and less discussed in the literature, with the exception of the
thermal event of the Palaeocene-Eocene transition.
The following mechanisms have been proposed:
1. Any increase in degassing of greenhouse gases from the
mantle or sediments to the atmosphere. This could be due
to increased volcanic activity releasing massive amounts
of CO2, basaltic effusion events over land (Dessert et al.
2001) or methane degassing from gas hydrates accumulated in sediments (McInerney and Wing 2011).
2. The creation of a supercontinent, reducing rainfall and
thus weathering of the continental silicates, allowing an
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increase in pressure of CO2 in the air and a warming of
the climate (Goddéris et al. 2014).

The Phanerozoic Terrestrial Paleothermostat
The short residence time (200,000 years) of carbon in the
exosphere, as well as the reaction time of ocean alkalinity
(3000 years) impose the following near-equal relationship
between the fluxes of inorganic carbon, ignoring any possible imbalances in the organic carbon cycle (see Chap. 5):
Fvol þ FMOR * Fsw

ð9Þ

where Fvol is volcanic degassing, FMOR ocean ridge degassing and Fsw half the CO2 consumption by silicate weathering. This factor of a half stems from the fact that two moles
of atmospheric carbon are consumed for two equivalents of
alkalinity produced by the dissolution reaction of the continental silicates. Only one of these two moles will ﬁnally be
buried in the form of ocean carbonate. The other mole of
carbon remains in the ocean-atmosphere system (see
Chap. 5). The flux of CO2 consumption by silicate weathering is a function of temperature and of continental runoff.
Generally, it increases as the CO2 content increases. But its
response to an increase in CO2 is also a function of the
continental plant cover, the presence of orogens and of
intense physical weathering, the conﬁguration of the continents, the modiﬁcation of the superﬁcial lithology, following, for example, the establishment of basaltic surfaces on
land during major magma events. Fsw can therefore be
expressed in the following way:
Fsw af1 ðT Þ % f2 ðRÞ % f3 ðerosionÞ
% f4 ðvegetationÞ % f5 ðlithoÞ

ð10Þ

where T is the continental temperature, and R is the runoff.
The functions f1 and f2 are known: the ﬁrst is an exponential
function of the temperature, the second a linear function of
the runoff. f1 and f2 have been determined for granites and
basalts. The function f3 is unknown. The only indicator
available is that there is a very strong positive correlation
between physical erosion fluxes and chemical weathering
fluxes for both large and small watersheds. We can deduce
from this that f3 is an increasing function of the rate of
erosion, but its precise mathematical expression had yet to
be deﬁned. As for f4, studies of lava flows in Iceland suggest
that the rate of weathering increases by a factor of 8 when
vascular vegetation develops (Berner 2004). f4 increases
with vegetation cover but also when mosses and lichens cede
to vascular plants with a well-developed root system (see
discussion on the Devonian in the following section).

Finally, f5 expresses the level of dependence on the lithological type. It can be expressed as a constant factor equal to
8 or 10 for new (rapidly deteriorating) basaltic surfaces and
equal to 1 for granite surfaces (Dessert et al. 2001).
For example, this simple formalism shows that the establishment of an orogen leads to an increase in the consumption
of atmospheric CO2 through silicate weathering (f3 increases),
but that the conditions of the paleothermostat are always
veriﬁed: the climate cools globally, and the decrease in the f1
and f2 factors compensates for the increase in f3. It can then be
said that the vulnerability of continental surfaces to weathering has changed. Indeed, if the degassing of the solid Earth
does not change, Eq. (9) dictates that CO2 consumption by
silicate weathering remains virtually constant on the scale of
several million years. However, Eq. (10) dictates a decrease
in f1 and f2 to compensate for the increase in f3. We can say that
the weathering of continental surfaces has increased, whereas
the total silicate weathering flux has remained unchanged.
However, to allow f1 and f2 to adapt to the new conditions, the
equilibrium level of CO2 is lower, and the climate is colder
and dryer. Similarly, the establishment of a basaltic province
increases the factor f5 and the climate will cool in compensation. The same applies to the colonization of the continental
surfaces which are described below.
It should nevertheless be noted that the relation 10 is a
simpliﬁcation. The relationship between CO2, temperature,
and continental runoff is complex and is largely dependent
on the paleogeographic conﬁguration, which complicates the
problem considerably.
Finally, if the possibility of imbalance in the organic
carbon cycle is taken into account, the thermostat equation is
written as:
Fvol þ FMOR þ Fow * Fsw þ Fod

ð12Þ

where Fow is the oxidation of sedimentary organic carbon
and Fod is the overall burial of organic carbon. If deposits
were to increase, for example, due to the development of
exceptional conditions for the preservation of organic matter
(such as the appearance of large-scale anoxia), while the
oxidation of exposed sedimentary organic carbon on land
remained constant, this would give the following inequality:
ðFvol þ FMOR Þ ( Fsw * Fod ( Fow + 0:

ð13Þ

In this case, silicate weathering must be less than the total
degassing of the solid Earth to maintain the paleothermostat
balance. This condition will be veriﬁed because the increase
in buried organic carbon reduces the CO2 pressure in the air
which, in the ﬁrst order, causes a decrease in the f1 and f2
factors.
Finally, it should be noted that the paleothermostat constitutes a very powerful stabilizing force of the Earth’s
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climate. If causes external to the CO2 cycle disturb the climate (cosmic rays and cloud nucleation, the passage of the
Earth into a cloud of galactic dust, methane degassing), the
resulting change in f1 and f2 factors would cause an imbalance in the carbon cycle, which would ﬁnd a new balance
over a few million years, by adjusting the pressure of
atmospheric CO2 to re-establish climate conditions verifying
the paleothermostat.

The Paleozoic Climate: The Chronology
of Major Trends and Their Causes
In general, the Paleozoic climate is described as warmer than
the current one, except for two glacial events with very
different characteristics.
The reasons for this warm climate state are not clearly
understood, but several hypotheses have been put forward.
On the one hand, the degassing of the solid Earth seems to
have been generally greater by about 60% than it is at present. This assertion is based on the fact that the sea level was
generally higher in the geological past than it is today,
except for the Permo-Carboniferous transition. This high sea
level can be explained ﬁrstly by the larger volume occupied
by the ocean ridges and therefore a supposedly greater
degassing of the solid Earth. This result has never been
conﬁrmed by other methods apart from sea level and remains
questionable. On the other hand, the absence of abundant
vascular vegetation until the end of the Devonian prevented
the development of modern soils on land surfaces. This
absence of soil reduced the contact time between the inland
water and minerals, thus limiting their weathering. Similarly,
the absence of a root system reduced the acidity of soil
solutions and thus the consumption of atmospheric CO2 by
continental silicate weathering, which in turn promotes high

Fig. 27.7 Tropical sea-surface
temperatures reconstructed based
on d18O data measured on apatite
(Trotter et al. 2008) and based on
∆47CO2 proxy data (Finnegan
et al. 2011)
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CO2 levels. Berner (2004) estimates that the average global
temperature was ±6 °C higher than it is currently, based on
a numerical modeling study. These very high values are
conﬁrmed by measurements using the paleothermometer
made up of the number of rare molecules Ca18O13C16O2 in
the carbonates of the Lower Silurian (Came et al. 2007).
Whatever the causes, this warm climate state was interrupted by several glacial events of very different durations
and amplitudes. The Atlas Fig. chapter 3.9 shows the
paleogeographic maps of the Earth during the main periods
of the Phanerozoic.

The Ordovician Glaciation
The d18O data on apatite show a long-term cooling trend
during the Lower and Middle Ordovician and a sudden drop
in temperatures during the Hirnantian in the Late Ordovician
(Trotter et al. 2008), which is independently conﬁrmed by
the ∆47CO2 analysis (Finnegan et al. 2011, Fig. 27.7). Glacial sediments, which are the only direct evidence of
Ordovician glaciation, are only documented during this very
short cool interval, which has long suggested that glaciation
is a short-term cold accident punctuating an otherwise very
hot period of geological time. Geochemical studies reconstructing the composition of oceanic d18O (Finnegan et al.
2011) and glacio-eustatic variations (Loi et al. 2011) suggest
that the ice cap at the South Pole would have reached a
volume almost twice as large as during the Last Glacial
Maximum. Indirect indices such as variations in sea level
(Dabard et al. 2015) or d18O excursions (Rasmussen et al.
2016) today suggest that the ﬁrst ice caps could have been in
place since the Middle Darriwilien (about 470 Ma) in the
Ordovician. In addition, it appears that glacial events also
punctuated the Lower Silurian. The Ordovician glaciation is

27

The Phanerozoic Climate

therefore increasingly considered to have been a long cold
period (about 470–425 Ma), sometimes referred to as ‘Early
Paleozoic Ice Age’ (Page et al. 2007), and within which the
Hirnantien only represents a glacial maximum. This vision is
supported by the most recent climate models (Pohl et al.
2016).
The causes of this glaciation are still poorly understood.
Nardin et al. (2011) showed that the long-term cooling of the
climate can be explained by the paleogeographic evolution
occurring throughout the Ordovician, and in particular the
migration of continents in the intertropical zone conducive to
weathering, which brings about a fall in the atmospheric
concentration of CO2. Regarding the Hirnantien glacial
peak, the best explanations also suggest a fall in atmospheric
CO2, but the mechanisms to achieve this are subject to
debate. Kump et al. (1999) proposed an interesting
hypothesis: the fall in CO2 level could have been a consequence of the establishment of New Caledonian and Appalachian orogens during the Middle and Upper Ordovician,
which would have increased the vulnerability of the continental surfaces to weathering. Other mechanisms have also
been proposed, including the establishment of the ﬁrst plants
on land (Lenton et al. 2012). The difﬁculty in explaining this
event lies in the magnitude of the cooling, which is around
−7 °C at tropical latitudes, whereas sea surface temperatures
appear to have varied by only 1–2 °C at the same latitudes
during the last glacial-interglacial cycle (CLIMAP Project
1981).
However,
numerical
modeling
of
the
ocean-atmosphere coupled system during the Ordovician
revealed climatic instability associated with the sudden
development of sea ice, which explains a sharp fall in temperatures in response to a moderate decrease in atmospheric
CO2 concentration, thus loosening the constraints that would
be placed on CO2 sinks to explain the geochemical data
(Pohl et al. 2016). To explain the emergence from the Hirnantian glacial maximum, Kump et al. (1999) proposed the
following mechanism: as the ice cover on the supercontinent
Gondwana increased, the available surface of continental
silicates exposed to weathering falls, thus causing an accumulation of CO2 in the atmosphere. This persuasive scenario
was tested with a simple climate model.

The Devonian Climate
The Devonian (419–359 Ma) is marked by numerous biological disturbances. Although the ﬁrst traces of vegetation
appeared during the Middle Ordovician (Rubinstein et al.
2010) and the existence of vegetation ﬁres during the Silurian are suggested based on the presence of charcoal in the
sedimentary record, the development of a long-stemmed
biosphere begins in the Lower Devonian. Plants reaching
heights of up to 2 to 3 meters were identiﬁed during the
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Eifelian (390 Ma; Stein et al. 2007). Trees, 8–10 m high,
began to colonize the land towards the end of the Givetien
(385 Ma), with, among others, giant ferns such as Archeopteris and Cladoxyopsides (Anderson et al. 1995). True
large forests are likely to have become established towards
the end of the Devonian (Frasnian; 380 Ma, Scott and
Glaspool, 2006). As trees appeared and flourished, weathering of the continental silicates rapidly accelerated, while
degassing from the solid Earth remained almost constant
(Berner 2004). Soils developed along with root systems,
increasing the acidiﬁcation of the water in contact with the
minerals as well as increasing the contact time between
inland water and silicate rocks. This resulted in a rapid
decrease in the partial pressure of atmospheric CO2, from
2000 ppmv in the early Devonian to 1000 ppmv at the end
(Foster et al. 2017). The extent to which the climate cooled
as a result of this colonization is uncertain however because
the change of the albedo of continental surfaces, following
the replacement of bare soils by forests, compensates at least
partially for the fall in atmospheric CO2 (Le Hir et al. 2011).
It is also interesting to note that the overall cooling of the
climate may have been beneﬁcial to the development of
modern leaves, which are large in size and have many
stomata, encouraging primary production on land to the
detriment of more primitive plants. We can thus infer the
establishment of a positive feedback between cooling and
the colonization of land surfaces by ever more efﬁcient
plants.
Another mechanism that could explain the drop in CO2
during the Devonian is an increase in the amount of CO2
trapped in sediment, also as a result of colonization of land
by continental plants. Indeed, the appearance of lignin in
plant tissues from 410 Ma onwards increased the amount of
organic carbon preserved in continental environments and
on the margins. Lignin is indeed much more resistant to
mineralization than marine organic matter. It was ﬁrst
thought that lignin appeared before the development of
organisms capable of decomposing it, causing an increase in
the burial of carbon and the reduction of CO2, which could
have contributed to the establishment of the glaciation of the
Late Paleozoic (Nelsen et al. 2016). Nevertheless, recent
studies have shown that decomposers evolved in parallel to
lignin, which calls into question an ‘organic’ trigger for the
Permo-Carboniferous glaciation (Nelsen et al. 2016).
Finally, the end of the Devonian is characterized by a
mass extinction event, affecting tropical marine environments in particular. This event lasted approximately 1–
3 million years, culminating at the Frasnian-Famennian
boundary. It is accompanied by the deposition of anoxic
sediments (black shales), accompanied by two positive
excursions of the d13C of carbonate sediments. It has been
proposed that these events are the consequence of the
emergence of pulses as vascular plants colonized the land
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Fig. 27.8 Calculated levels of CO2 in the atmosphere at the end of the
Devonian

and of increased weathering bringing additional nutrients to
the ocean and causing intense blooms in the oceanic biosphere. These would have led to increased oxygen consumption in the surface waters and the establishment of
large-scale anoxia. Moreover, these anoxic events are correlated with second-order fluctuations of the sea level (a few
tens of meters), thereby disturbing the weathering of carbonate platforms which alternate between being emerged
and flooded. A numerical study, coupling a 1D energy balance climate model and a geochemical model of ocean and
continental surfaces predicts a fall of 1500 ppmv across the
Frasnian-Famennian boundary, over an interval of only
3 million years, as well as a cooling reaching more than 2 °
C in the equatorial zones (Fig. 27.8; Goddéris et Joachimski
2004). These results are in agreement with the development
of the ﬁrst glaciers at the end of the Devonian.

The Permo-Carboniferous Glaciation
The cooling trend which started in the Devonian continued
and reached its peak during the Permo-Carboniferous
glaciation (330–270 Ma) also known as the ‘Late Paleozoic Ice Age’ (Montañez and Poulsen 2013). It is the most
important glacial event of the Phanerozoic. Debris carried by
drifting icebergs reached the paleolatitude of 30° (Frakes
et al. 1992). The temperature of the tropical waters was
probably 2 °C below present values (Veizer et al. 2000). At
the same time, the continents were covered with dense forests in low latitude areas (in the latitude band 15°N–15°S).
This major and prolonged cooling is traditionally considered to have been the ﬁnal consequence of the colonization of continental surfaces by vascular plants, favoring
continental weathering. A second major effect of this
accelerated growth also occurred: the burial of organic carbon in continental environments reached a level during the
Carboniferous never before attained during the whole
Phanerozoic. Approximately 31 % 1015 mol Ma−1 of carbon were buried on the continents during the Carboniferous,
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while in the Devonian, this carbon sink was thirty times
lower (Berner 2004). This is nearly double the estimated
burial rate for the Cenozoic. The reason for the efﬁciency of
this burial during the Carboniferous remains partly obscure,
but it is probably linked to two interconnected factors: (i) the
abundance of vegetation in certain zones, (ii) a low sea level
during the Carboniferous (although it was high during the
Devonian), creating low-lying coastal lands and extensive
swamps. This efﬁcient burial on the continents of reduced
carbon depleted in 13C, instigated the longest and most
extensive positive excursion of the d13C in carbonate sediments (5‰, spread out over almost all of the Carboniferous
and Permian).
Although this model of the forcing of the CarboniferousPermian glaciation by biotic factors is commonly accepted,
several elements today are causing us to question it. First,
the colonization of the continents by vascular plants of large
growth form was completed at the end of the Devonian,
several tens of millions of years before the establishment of
the Carboniferous-Permian glaciation (Davies and Gibling
2013). In addition, the increase in continental organic carbon
burial seems relatively uncorrelated both with the d13C
signal, which shows uniformly high values between 360 and
260 Ma (Fig. 27.5), and with the chronology of the colonization of continental surfaces by plants. A recent study
coupling a climate model with a long-term carbon cycle
model, highlighted the key role of tectonic changes in the
entry into as well as the exit from the Carboniferous-Permian
glaciation (Goddéris et al. 2017). The Hercynian orogen, by
creating steep topographic slopes, would have allowed
physical erosion to increase causing the destruction of the
superﬁcial soil formations, which had previously protected
the bedrock from chemical weathering. The weathering of
the newly exposed continental rocks would then have
induced a drop in atmospheric CO2 to levels allowing entry
into glaciation (Fig. 27.9 carb). This scenario of tectonic
forcing leading to glaciation is not in opposition to the biotic
hypothesis, since the increased weathering of the continents
would increase the nutrient flows to the ocean and thus
necessarily favor an increase in primary productivity in the
ocean.
The sequestration of organic carbon in continental sediments may have forced a decrease in CO2 but it also led to a
considerable increase in O2 pressure in the atmosphere, from
15% at the end of the Devonian to 32% of the air content
around 290 Ma (Berner 2004). This increase is also recorded
in the d13C of fossil remains of continental vegetation. The
fractionation of carbon isotopes reached 23‰ 290 Ma ago
and was therefore about 5‰ higher than the average of the
estimated values for the rest of the Paleozoic and Mesozoic.
In modern plants, this fractionation is a function of the O2/
CO2 ratio in the atmosphere. A value of 23‰ indicates a
ratio of 1000. While the CO2 pressure was around 300 ppmv
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Fig. 27.9 carb—Paleogeographic pattern of CO2 consumption by
silicate weathering immediately before, during and after the
Carboniferous-Permian glaciation. Weathering is inhibited by the
development of a thick saprolith along the equator, except when steep

slopes and high runoff maintain a high flow of erosion (308 Ma). The
gray continental surfaces represent arid areas with no runoff and no
weathering

(close to the current value), O2 reached a pressure close to
30% of the total pressure of the atmosphere at ground level.

Fig. 27.5). This is interpreted as indicating a drastic reduction in the sequestration of continental organic carbon in
response to the decline in productivity by the biosphere, due
to a major reduction in precipitation (Berner 2004). Moreover, the end of the Permian is marked by intense volcanic
activity, with the establishment of large ﬁssural eruptions
(traps) in Siberia. These three factors reinforced the global
warming trend from the end of Permian onwards.

The End of the Paleozoic
The end of the Paleozoic is marked by the exit from the
Permo-Carboniferous glaciation. The climate of the end of
Permian is a much drier and warmer climate.
The transition from a cold mode to a warm mode is
triggered during the ﬁnal aggregation of the Pangea in the
middle of the Permian. The formation of a supercontinent
reduced the amount of precipitation on the continents, which
partially inhibited the consumption of CO2 by silicate
weathering. In response to this imbalance between the volcanic source of CO2 and the sinks through weathering and
deposition of carbonates, atmospheric CO2 accumulated,
heating the system until the increased weathering due to
increasing temperature compensated for the lack of precipitation, restoring the balance between sources and sinks of
CO2. This era is explored by much more powerful numerical
models than the simple models used for the Paleozoic. The
use of atmospheric general circulation models coupled with
biogeochemical cycle models allows a more detailed
investigation of the role of paleogeography.
Simulations carried out by atmospheric general circulation models coupled with biogeochemical cycle models
calculate that 250 Ma ago, CO2 pressure was only
2400 ppmv in response to the coming together of Pangea
(Donnadieu et al. 2006) and that continental temperatures
reached 19 °C on average. By comparison, today, a similar
average, strongly influenced by the very cold Antarctic
continent, would be only 6.7 °C. The end of the Permian is
marked by a major negative excursion of the d13C of marine
carbonates (−3‰ over about ten million years. See

The Mesozoic
The three geological stages of the Mesozoic have long been
considered to be typical examples of hot climates, especially
the Cretaceous. Long-term carbon cycle models such as
GEOCARB and all subsequent generations estimate very
high values for atmospheric CO2 pressure over the entire
Mesoozoic, between 4 and 10 times the current value, supported by strong degassing of the solid Earth (Berner 2004).
The only signiﬁcant event was the appearance of flowering
plants (angiosperms) in the Cretaceous, thought to further
increase the efﬁciency of the consumption of atmospheric
CO2 through silicate weathering. This brought about a signiﬁcant drop in CO2 after 130 million years ago.
New perspectives on the climate trends of the Mesozoic
have emerged recently and suggest other important
long-term changes. The ﬁrst notable feature (Fig. 27.10) is
the steady increase in the d13C of carbonate sediments by
about 1‰ from its lowest point in the Jurassic to the middle
Miocene in the Cenozoic (Katz et al. 2005). This increase is
typically explained by an increase in the ratio of organic
carbon to total carbon buried in marine sediments, reaching ±20%, as the dislocation of Pangea increased the surface area available for the accumulation of organic carbon.
Many sedimentological studies show a signiﬁcant increase in
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Fig. 27.10 d13C of carbonate
sediments over the last
200 million years. (according to
Katz et al. 2005)

the amount of organic carbon preserved on the shores of the
Atlantic Ocean as it opened up during the Jurassic and
Cretaceous periods.
This slow increase in the amount of buried organic carbon
is also responsible for a net supply of oxygen to the
ocean-atmosphere system (3 % 106 Gt O2). This process
should also consume atmospheric CO2 by storing an
increasing share of photosynthesized carbon in sediments.
The paleothermostat (see Chap. 5, Volume 2) also allows
the carbon cycle to be maintained close to equilibrium.
Indeed, the cooling initiated by the increase in sequestration
of organic carbon will be compensated for by a reduction in
the consumption of CO2 by the weathering of continental
silicates. The response of CO2 pressure in the atmosphere to
this long-term evolution still needs to be quantiﬁed.
A second notable feature of the Mesozoic is the fragmentation of Pangea, which began as early as 250 Ma. An
event of this magnitude has a major impact on the Earth’s
climate and the carbon cycle. Using a numerical model
coupling an atmospheric general circulation model and a

model of global biogeochemical cycles, Donnadieu et al.
(2006) explored the climate and biogeochemical consequences of this dislocation. A conﬁguration such as that of
Pangea implies a weak continental runoff, due to its large
continental nature. This causes a partial inhibition of continental silicate weathering. According to the theory of the
paleothermostat, atmospheric CO2 will increase, forcing the
temperature to rise until the consumption of CO2 by silicate
weathering compensates once more for the degassing of the
solid Earth. On the other hand, a conﬁguration where the
continents are dispersed leads to an increase in runoff and
thus greater efﬁciency of silicate weathering. This results in
increased CO2 consumption due to weathering (Fig. 27.11),
and the climate cools down until the paleothermostat is again
balanced. At a constant rate of degassing of the Earth, the
average annual temperature of the continents would have
decreased from 19 °C at the beginning of the Triassic to
10 °C at the end of the Cretaceous (Donnadieu et al. 2006).
An interesting ﬁnding is that this simulated global cooling
is not linear over the whole Mesozoic. The main episode of
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Fig. 27.11 Levels of
atmospheric CO2, calculated for
the last 250 million years (red
line), in response to continental
drift. The vertical lines represent
the available data

cooling and humidiﬁcation of continental surfaces occurred
during the Upper Triassic, between the Carnian and the
Rhetian (237–201 Ma). The Lower and Middle Triassic are
characterized by very high continental temperatures and
extensive aridity (average annual continental runoff of only
23.5 cm/year), consistent with sedimentological data from
the establishment of redbeds and massive deposits of evaporites. The corresponding atmospheric CO2 pressures are
close to 3000 ppmv, in agreement with the current reconstructions (Royer 2006), suggesting values between 2000
and 4000 ppmv for the same period.
An abrupt change occurred in the last stage of the Triassic
(Rhetian 209–201 Ma), during which time 50% of the
Mesozoic cooling occurred in the model. Goddéris et al.
(2008) calculated CO2 pressures of around 900 ppmv and
global average temperatures lower by 4.6 °C. The CO2
levels estimated based on the count of stomata on fossil
leaves conﬁrm these low levels of CO2 between 500 and
1000 ppmv (Royer et al. 2004). The d18O measured on
brachiopod shells show an increase of 0.8‰ between the
Carnian and the Rhaetian, i.e. an overall cooling of more
than 3 °C, (Korte et al. 2005) in line with modeling results.
Similarly, sedimentological data clearly show an increase in
moisture and a decrease in temperature during the Rhaetian
(Fig. 27.12). Changes in clay mineralogy and in the conditions for pedogenesis are signs of the installation of cooler
and wetter climate regimes around 209 Ma ago, during the
Norian-Rhaetian transition (Ahlberg et al. 2002).
The causes of this rapid cooling may be found in the
general drift of the Pangea towards the north. During the
Middle Triassic, large continental areas were located in the
southern zone of the inter-tropical divergence, a very arid
area and therefore not conducive to weathering. The shift of
the Pangea to the north brought these large areas into the
humid equatorial zone, allowing increased atmospheric CO2
consumption through increased runoff. Thus, the world

became colder, but more humid, allowing the paleothermostat equilibrium to be maintained (equilibrium degassing
of the solid Earth—silicate weathering), but at a lower level
of CO2 than in the middle of the Triassic. It is remarkable
that these cooler conditions (but nevertheless up to 4 °C
warmer than is currently the case on the continents) persisted
after the Triassic, driven by the break-up of the Pangea
rather than by its general latitudinal movement.

The Cenozoic
The overall climate evolution of the Cenozoic is better
understood than that of the preceding epochs. Nevertheless,
the causes of this evolution are still widely disputed. The
climate history of the last 65 million years is that of a
transition from the warmer Cretaceous climate, characterized
by little or no polar ice caps, towards the current glacial
climate.
The oldest stage of the Cenozoic, the Paleocene, is
characterized by a climate similar to that of the late Cretaceous. The ﬁrst break with the Mesozoic is at the
Paleocene-Eocene transition (56 Ma, Fig. 27.3). This transition is marked by an extremely intense global warming.
The deep waters of the ocean warmed up to about 5–7 °C in
response to global warming and to a reorganization of ocean
circulation. Similarly, the surface waters heated up by 8 °C
(Thomas et al. 1999; Zachos et al. 2003; Sluijs et al. 2006).
This warming, probably reinforced by the destabilization of
methane hydrates in the sediments (McInerney and Wing
2011) was of short duration, spanning just 200,000 years.
This brief episode was followed by the Eocene climate,
which lasted about 5 million years. (Fig. 27.3).
From the time of entry into the Middle Eocene, the climate began to cool down globally, leading to the appearance
of small temporary ice sheets that developed on the Antarctic
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Fig. 27.12 Continental runoff
calculated for the Carnian and
Rhaetian, two stages of the
Triassic, at 3122 ppmv of CO2.
The red rectangle shows the
position of Europe and indicates
increased humidiﬁcation of the
area between the Carnian and the
Rhaetian

in the last phase of the Eocene (Zachos et al. 2008). At the
Eocene-Oligocene transition (34 Ma) a distinct, cold climate
pulse was experienced. The d18O data obtained from benthic
foraminifera show a deep-water cooling of about 4 °C
(Fig. 27.3). A permanent Antarctic cap began to emerge
(Zachos et al. 2008).
The second step towards global cooling occurred at the
Oligocene-Miocene boundary (23 Ma). But this cold episode is followed by the Miocene climate optimum between
23 and 15 Ma. The latter is particularly problematic because,
according to the d11B and d13C data from alkenones,
atmospheric CO2 pressure should have been low, at around
the present value, or even lower, between 200 and 300 ppmv
(Pagani et al. 1999). The reasons for this climate optimum
are still unknown.
From 15 Ma onwards, the climate cooled rapidly and the
East Antarctic sheet developed. The last stage of cooling,
5 Ma ago, was marked by the establishment of the West
Antarctic ice sheet (Fig. 27.3).
The reasons for this cooling are still in dispute. There are
two opposing theories. According to one, the climate evolution of the Cenozoic was largely driven by the opening of
key ocean passages and the closure of others. According to
the other, it was the drop in CO2 level that was responsible

for this cooling. From 50 Ma onwards, ocean basins began
to become established in the Drake Passage area, allowing
shallow water exchanges between the Atlantic and Paciﬁc
Oceans. Isotopic analyses of neodymium in deep sediments
indicate that around 41 Ma, the flow of exchanges between
ocean basins intensiﬁed around Antarctica (Scher and Martin
2006). The intensiﬁcation of the rate of expansion of the
seabed in the Drake and the Tasmanian Passages 34 Ma ago,
allowed the Antarctic circumpolar current to become established, deﬁnitively isolating the South Pole continent. This
date coincides with a major development phase of the
Antarctic ice cap.
The role of ocean passages in global climate change has
been called into question by modeling studies, which tend to
show that glaciation and the appearance of an ice cap over
Antarctica are mainly associated with a decrease in the level
of CO2 Lefebvre et al. (2012), see also Chap. 3. It should be
noted, however, that this premise is very poorly documented.
Indeed, this is a period for which d11B data are non-existent.
At best, we know that CO2 levels were around 1000 ppmv
40 Ma ago, and about 300 ppmv 24 Ma ago. These data
suggest decreasing levels of CO2 although it is not possible
to document the evolution precisely. Nevertheless, DeConto
and Pollard (2003) have shown in a simulation that even
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where the Drake Passage is kept artiﬁcially closed, the
decrease in atmospheric CO2 concentration causes glaciation
to occur over the Antarctic. Glaciation is simply delayed by
about 2 to 3 million years.
Changes in the climate caused by the opening or
non-opening of the Drake Passage will also affect the global
carbon cycle, potentially increasing the climate response of
the system. One possible consequence of the opening of the
Drake Passage is an upheaval of the thermohaline circulation
facilitating the formation of deep waters in the Antarctic and
triggering the plunging of waters in the North Atlantic
(Huber and Nof 2006). The result is a warming of the
northern hemisphere of approximately 3 °C and a severe
cooling of the Antarctic. As most of the continental area is
located in the northern hemisphere, an increase in global
consumption of CO2 by continental silicate weathering is to
be expected and thus a reduction in the amount of CO2 in the
atmosphere, reinforcing the cold climate mode being established (Elsworth et al. 2017). In conclusion, although the
overall climate effect of the opening of the Drake Passage
remains weak, there may have been positive feedbacks in the
carbon cycle which substantially ampliﬁed the response.
These have yet to be documented with precision.
A second driver of the evolution of climate also took
place during the Cenozoic: the Himalayan orogen.
How orogeny affects the carbon cycle is complex. We
have identiﬁed two effects: one is the chemical weathering of
exposed silicates in the mountain chains, the other is the
sequestration of organic carbon at the foot of the mountains.
Take ﬁrst the increase in weathering of continental surfaces
through increased erosion. The development of glaciers, the
alternating freezing and thawing patterns at high altitudes
and steep slopes all favor the break-up of rocks and increase
the area of contact with solutions. This results in increased
weathering and increased consumption of CO2. This
increased weathering is seen in an increase in the erosion
factor f3 in Eq. (10), and the level of CO2 is lowered until the
weathering of the silicates again compensates for the
degassing of the solid Earth (Goddéris and François 1996).
Currently, 4 % 1012 kg yr−1 of suspended solids are transported to the ocean from the Himalayan zone, representing
17% of the world’s erosion flow, whereas the ratio of the
Himalayan surface to the total continental area is only 4%. It
is therefore to be expected that a major orogen would considerably increase the consumption of atmospheric CO2
through chemical weathering of the exposed rocks (increase
in factor f3). However, this result is not conﬁrmed by current
data of fluxes of dissolved elements in the rivers from the
Himalayas. They suggest a modest consumption of
0.7 % 1012 mol yr−1 of CO2 by weathering of Himalayan
silicates, only 6% of the world total of 11.7 % 1012 mol
yr−1. One of the reasons for this low rate of chemical
weathering may be that the erosion motor is too efﬁcient in
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the Himalayas and that the discharge of the debris produced
by mechanical erosion is too fast to allow the progress of
effective chemical weathering. This would produce a
weathering system which would be very limited by the very
slow kinetics of the dissolution of minerals. In addition, the
lithology is such that calcium silicates are scarce in the
Himalayas and the weathering fluxes are mostly of sodium
and potassium silicates. Since these chemical reactions do
not lead to precipitation of carbonates, their effect on the
carbon cycle is minimal over the long term (France-Lanord
and Derry 1997).
However, the rate of sedimentation, which is extremely
high in the Bay of Bengal, is responsible for the preservation
of very large quantities of organic matter, of both continental
and marine origin. It is estimated that the sequestration of
carbon at the foot of the orogen is two to three times higher
than the consumption of CO2 by weathering of the Himalayan silicates. A recent study shows that 100% of the
organic carbon of continental origin transported by the
Himalayan rivers is preserved in the sediments of the Gulf of
Bengal (Galy et al. 2007). France-Lanord and Derry (1997)
estimated that the sedimentary organic carbon reservoir grew
to 0.6 % 1012 mol yr−1. This value is of a similar order of
magnitude to estimates from numerical simulations, carried
out using a carbon cycle model reversing the records of d13C
in carbonates during the Cenozoic period (Goddéris and
François 1996). The Himalayas consume carbon
(Fig. 27.13), but in organic form, and therefore, they are, at
least partially, responsible for the cooling of the climate
during the Cenozoic. The quantiﬁcation of the impact of this
mechanism on atmospheric CO2 has yet to be completed.

Abrupt Climate Events During
the Phanerozoic
As well as deﬁning the major climate modes of the
Phanerozoic, recent efforts have deﬁned episodes of rapid
climate change that have punctuated the history of the Earth
at a 100,000−year scale. We outline below three of these
events, discussing their causes.

The Callovian-Oxfordian Transition (Middle
Jurassic-Upper Jurassic)
This was a brief cooling episode during the Jurassic. Such
events occurred several times during the Jurassic and Cretaceous periods.
The d18O values measured in ﬁsh teeth and belemnites
suggest an abrupt drop in temperature of 8 °C starting in the
Upper Callovian and remaining until the middle Oxfordian.
At the same time, boreal ammonite fauna invaded the
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Another hypothesis advanced recently connects the
massive reduction in carbonate deposits on the continental
shelves to the cooling episode. To date, it was assumed that
the arrival of colder climate conditions resulted in a reduction in bioconstruction activity in the reef areas. Conversely,
Donnadieu et al. (2011) suggest that the strong decrease in
carbonate reef activity due to external causes (tectonic reasons for example) caused an accumulation of alkalinity in
the oceans. In fact, this alkalinity continued to be supplied
by rivers (continental weathering), whereas the alkalinity
sink by deposition of carbonates was greatly reduced. The
result was a massive dissolution of atmospheric CO2 in the
oceans. This caused CO2 pressure to drop from 800 to
200 ppmv during crises in the carbonate production (lasting
a few hundred thousand years), resulting in a global average
cooling of 9 °C.

Fig. 27.13 Atmospheric CO2 consumption by the Himalayas, per kg
of sediment exported. On the left, the contribution of silicate
weathering, reconstructed from the balance of each cation exported
by the mountain range. On the right, the contribution associated with
the sequestration of organic carbon in the Bay of Bengal
(France-Lanord and Derry 1997)

Tethyan domain, suggesting widespread cooling at all latitudes (Dromart et al. 2003). The total duration of the event
was about 3 million years. This episode is also marked by
the reduction, by a factor of about 10, of carbonate deposits.
The d13C values also suggest a positive excursion of about
0.5‰ over the same period. Finally, a drop in the sea level of
several tens of meters is supported by evidence (Dromart
et al. 2003), suggesting the establishment of temporary ice
caps (Fig. 27.14).
The reasons for this cooling are not completely understood, nor, indeed are those of all the abrupt cooling episodes of the Jurassic and the Cretaceous. However, several
avenues of enquiry have been opened. In particular, for this
speciﬁc event, the amount of organic matter buried in marine
sediments increased greatly during the middle Callovian just
before the cooling. The percentage of organic matter
increased from less than 1% during the early Callovian to
5%, and even 10% in the middle Callovian. This increased
rate of burial of organic matter may have led to an increase
in consumption of atmospheric CO2 on a temporal scale
sufﬁciently short, relative to the response time of the terrestrial paleothermostat so that it was unable to intervene as
a stabilizer. This would have resulted in a reduction in CO2
pressure which could have initiated the subsequent cooling.
This cooling, accompanied by a drop in sea level caused by
the development of glaciers on the coldest continents, was
responsible for the near halting of carbonate sedimentation
on the continental shelves.

The Cretaceous-Tertiary Boundary, Meteorite
and the Deccan Traps
The Cretaceous-Tertiary boundary (K–T), dating back to
66 Ma, has been studied in detail because it corresponds to a
mass extinction event, which eliminated, among other species, the dinosaurs. Two major events occurred at the K–T
boundary: the collision of a meteorite with the Earth and the
establishment of the Deccan traps. This latter is a major
magmatic event which may have had a major impact on the
biosphere, but certainly had on the Earth’s climate from 105
to 106 years.
Dessert et al. (2001) have simulated the impact of the
Deccan Traps on the geochemistry and climate of the Earth.
The total volume of lava put in place is 3 % 106 km3, corresponding to the emission of 1.6 % 1018 mol of CO2, or
half the current carbon content of the exosphere. This
emission could have occurred within a timeframe of about
105 years. This time scale is shorter than the response time
of the geological carbon cycle. This is thus far beyond the
capacity of the Earth’s paleothermostat to respond. This
produced a very rapid increase in the partial pressure of CO2
which was increased to more than 3.5 times its initial level in
100 000 years (i.e. 1000 ppmv, assuming that the
pre-disturbance CO2 levels were at the pre-industrial level of
280 ppmv: Dessert et al. 2001) The global average temperature was thus increased by 4 °C a hundred thousand
years after the establishment of the Traps.
Once the eruption ended and time passed, the Earth’s
paleothermostat could then take on its stabilizing role. The
surplus CO2 was slowly consumed by silicate weathering,
which was itself accelerated by the increased greenhouse
effect. Over 2 million years, the level of CO2 returned to a
stable level, one that was lower than the pre-disturbance
level by 60 ppmv, corresponding to an overall cooling
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Fig. 27.14 Summary of events
at the Middle Jurassic-Upper
Jurassic transition. On the left, the
d13C of the carbonates, measured
at different locations. On the
right, layers rich in organic
carbon, and the accumulation rate
of carbonates

of ±0.5 °C compared to the temperature prior to the establishment of the Deccan Traps (Fig. 27.15). This cooling was
the result of continental surfaces (continental shelf) that were
very resistant to weathering, being replaced by 500,000 km2
of fresh basaltic surfaces, eight to ten times more prone to
weathering. Mathematically, it is the factor f5 (Eq. 10) of the
paleothermostat which has increased globally (the whole of
the continental surfaces being slightly more vulnerable to
weathering) and, for a degassing which returned to its
pre-disturbance level, the CO2 must stabilize at a lower level
in order to correct the imbalance due to continental
weathering.
The result of a magma episode, such as the establishment
of continental traps, is initially a short-lived warming episode (105 years), followed by a global cooling that persists
for several million years, as long as the basaltic surfaces
exposed to the atmosphere are not entirely destroyed by
weathering. A similar study carried out on Siberian traps
(Permo-Triassic boundary) shows that the atmospheric CO2

level stabilized a few million years after the end of the event
at 750 ppmv below its pre-disturbance level of 4500 ppmv,
which caused a global cooling of more than 1 °C.
At the time of the K–T limit, another major phenomenon
occurred: a large meteorite with a diameter estimated at
about ten kilometers collided with the Earth and fell into the
Yucatan Peninsula. The impact created a large crater, identiﬁed by geophysics, which is currently buried under a
thousand meters of sediment (the Chicxulub crater). This
event was catastrophic, much shorter than the great ﬁssure
eruptions of the Deccan, which date from the same period,
but which have had a prolonged impact for several hundreds
of thousands of years.
The impact of the meteorite is easily identiﬁed because
sediments from the K–T boundary are composed of a thin
layer, rich in iridium, a very rare metal on Earth, a sign of
contribution of cosmic origin. This layer also contains
minerals (spinels) whose chemical composition indicates
that they could not have been formed on Earth. Analysis of
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• an enormous quantity of water vapor is emitted into the
atmosphere, which becomes charged with nitrates and
sulfates, and falls back in the form of highly acid rain,
toxic to plants;
• ﬁnally, chondrites contain many toxic heavy metals,
particularly nickel, which inhibits chlorophyll activity.

Fig. 27.15 Quantiﬁcation of the impact of the establishment of the
Deccan traps on the global average temperature and the level of
atmospheric CO2

We are obviously far from a full comprehension of all the
events that marked the end of the Cretaceous, with the disappearance of many animal and vegetal species. Continental
sediments testify to the appearance of widespread ﬁres and
to the pioneering return of the ferns, the most resistant of
plants and the ﬁrst to colonize the areas devastated by ﬁre. In
the ocean, sedimentological, biological and geochemical
data show a considerable decrease in primary production by
algae; this only returned to its former level after about ﬁve or
six million years.
It is likely that the collision with the meteorite and fumes
from the Deccan ﬁssures both contributed to the major
changes in the environment that marked the KT boundary,
the ﬁrst event through considerable sudden effects lasting
several years and the second through geochemical effects
that persisted over long periods relative to the time constants
of the biosphere.

The Paleocene–Eocene Thermal Maximum (PETM)
the spinels showed that the meteorite had the chemical
composition of carbon chondrites, with the particularity of
being very rich in sulfur. The impact of such a collision was
considerable. This impact, out of all proportion with current
observations, is difﬁcult to simulate because of the extent of
the disturbance to the chemistry of the atmosphere. Thus, the
simulations are based on assumptions made in the context of
studies on a ‘nuclear winter’, where climatologists have
calculated the impact on the global climate of a large-scale
nuclear conflict. This can only be considered to be a very
simpliﬁed approach.
The collision of a meteorite with the Earth has many
consequences, although it is difﬁcult to quantify them
precisely:
• it releases an enormous quantity of aerosols (sulfates,
nitrates) which reach the upper atmosphere where they
can remain for several years;
• the aerosols cause an attenuation of about 50% of the
solar radiation, resulting in a cooling of about ten degrees
on the ground for a decade. Agronomists estimate that
half the vegetation of the northern hemisphere could have
been killed in the ﬁrst years;
• the disruption is greatest if the impact occurs in the spring
when the vegetation most needs solar radiation;

The destabilization of methane hydrates (very active greenhouse gases) in sediments can cause climate fluctuations
over short timescales (105 years). Several events of this type
have been identiﬁed during the Phanerozoic, but the best
documented is located at the Paleocene-Eocene transition. In
the space of 20 000 years (Fig. 27.16), the d13C of the ocean
decreased by 3‰, before returning to its initial value 240
000 years later (McInerney and Wing 2011). Over the same
time, the temperature of the deep ocean waters increased
from 5 to 7 °C. Similarly, a warming of 8 °C of surface
waters was recorded. This warming is attributed to a sudden
destabilization of methane hydrates in ocean sediments
(Dickens 2003). The methane released by sediments is
characterized by a d13C of −60‰. As a result, a flow of 2500
Gt of carbon spread over 20,000 years is sufﬁcient to explain
the observed isotopic excursion. This event caused a signiﬁcant but temporary warming of the atmosphere. The d13C
excursion is then reabsorbed over 200,000 years by the
‘conventional’ processes of the carbon cycle: continental
weathering and sequestration in sediments.
The reason for the destabilization of the gas hydrates has
yet to be explained. These can be released into the ocean and
atmosphere if the water temperature rises or the pressure
decreases. For example, regional eruptions occurred in the
North Atlantic 55 Ma ago, shortly before the PETM
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Fig. 27.16 Temporal evolution
of d13C of benthic foraminifera at
the Paleocene-Eocene transition
at three distant oceanic sites. The
arrow represents a period of
240,000 years

(McLennan and Jones 2006). The reduction in the height of
the water column could have led to a drop in pressure and a
destabilization of the methane hydrates in sediments. There
may be a link between these regional eruptions and the
PETM, although this assumption needs to be tested by more
precise dating. Another hypothesis is that a signiﬁcant
change in ocean circulation could have signiﬁcantly warmed
the deep waters (by 4–5 °C), causing the destabilization of
gas hydrates stored in sediments and initiating the PETM.

Conclusions
The reconstruction of climates on the scale of geological
time is still open to discussion. The main difﬁculty lies in the
fact that climate and biogeochemical cycles cannot be dissociated. There are numerous indicators of geochemical and
climatic changes, but they are always difﬁcult to interpret
because of their indirect nature. The numerical models used
are often very simple, taking a global average approach in
most studies, which does not explicitly take into consideration the many parameters of the climate system. Yet ancient
climates also represent an amazing testing-ground where
new techniques can be developed and innovative ideas can
be explored. In this ﬁeld of study, climate models, initially
developed to understand the evolution of current climate, are
applied to extreme conditions, and the extent to which they
are suitable is questionable. One limitation is the simplistic
way the changing geographical conﬁguration of the past is
taken into account due to the lack of precise information.
This is a climate factor of the highest importance and we are

not sure that complex models, such as atmospheric general
circulation models coupled with ocean-atmospheric models,
react correctly when boundary conditions are changed in
such a drastic manner.
Nevertheless, the reﬁning of analytical techniques and
models, the process of trial and error, the successes and the
failures allow us to discover a general history of the Earth’s
climate at the same time as multicellular organisms evolved.
One of the major debates of recent years has been around the
link between the level of atmospheric CO2 and the evolution
of climate during the Phanerozoic, which appear to have
been decoupled during certain major events. Given the
enormous uncertainties that exist in the reconstruction of
CO2 levels using isotopic methods or based on paleontological data (Royer 2006) and taking into account the
uncertainties around isotope-based climate reconstructions,
it is not possible to claim the existence or non-existence of a
decorrelation between CO2 level on one side and climate on
the other. However, the use of a new generation of models
that closely couples the carbon cycle with climate by taking
into account the spatial variability of the processes suggests
a coherence in the joint history of CO2 and climate, in line
with the major climate trends of the Mesozoic (Donnadieu
et al. 2006). Similarly, the emergence of isotopic techniques
allowing the reconstruction of the climate with increasingly
ﬁne latitudinal resolution makes it possible to reconsider the
commonly studied events in the climate history of our planet. New consolidated images appear, in which atmospheric
CO2 is a key driver of climate change but is modulated by
ﬁrst order factors, such as the paleogeographic conﬁguration,
largely ignored for a long time, or the more or less periodic
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variations in the Earth’s orbit, the role of which is explained
in Chap. 7.
One of the major challenges for the near future is
understanding the relationship between these climate and
geochemical evolutions on the one hand and biological
evolution on the other.
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